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Abstract Tectonic plate motion and mantle dynamics processes are heavily inﬂuenced by the characteristics of the lithosphere-asthenosphere boundary (LAB), yet this boundary remains enigmatic regarding its
properties and geometry. The processes involved in rifting at passive margins result in substantial alteration
of the lithosphere through the transition from continental to oceanic lithologies. Here we employ marine
magnetotelluric (MT) data acquired along a 135 km long proﬁle, offshore Martha’s Vineyard, New England,
USA, to image the electrical conductivity structure beneath the New England continental margin for the ﬁrst
time. We invert the data using two different MT 2-D inversion algorithms and present a series of models
that are obtained using three different parameterizations: fully unconstrained, unconstrained with an
imposed LAB discontinuity and a priori constrained lithosphere resistivity. This suite of models infers
variability in the depth of the LAB, with an average depth of 115 km at the eastern North America passive
margin. Models robustly detect a 350 Xm lithospheric anomalous conductivity zone (LACZ) that extends
vertically through the entire lithosphere. Our preferred conductivity model is consistent with regional P-to-S
receiver function data, shear-wave velocity, gravity anomalies, and prominent geological features. We
propose that the LACZ is indicative of paleolithospheric thinning, either resulting from kimberlite intrusions
associated with rifting and the New England Great Meteor hot spot track, or from shear-driven localized
deformation related to rifting.

1. Introduction
The Earth’s lithosphere is a rigid mechanical boundary that is underlain by a weaker convecting asthenosphere. The sharpness of transition at the lithosphere-asthenosphere boundary (LAB) is widely debated [e.g.,
Eaton et al., 2009]. In this framework, rheological alterations across the LAB are manifested by a separation
of the overlying lithospheric plate from the underlying convecting mantle. This boundary may exhibit local€ink et al., 2012], which may result in electrical and seismic anomalies
ized deformation [Eaton et al., 2009; Ho
[Kawakatsu et al., 2009; Naif et al., 2013]. Tectonic plate motion and mantle dynamics are inherently governed by the characteristics of the LAB. Rheological differences within the LAB can be detected using a variety of geophysical methods, such as seismic velocities, electrical conductivity, and heat ﬂow regime. Yet,
signiﬁcant uncertainty and ambiguity exist regarding the depth and sharpness of the LAB and the rheological contrast between the lithosphere and asthenosphere [Fischer et al., 2010].
Global surface shear-wave tomography studies suggest that young oceanic crust encompasses a thin lithosphere, in contrast to an old oceanic crust and continental cratons which exhibit much thicker and higher velocity lithosphere [e.g., Cammarano and Romanowicz, 2007; Kustowski et al., 2008; Lebedev and Van Der Hilst, 2008;
Dalton et al., 2009; Romanowicz, 2009]. Across the LAB, a purely thermal transition from cold lithosphere to warm
asthenosphere produces a decrease in seismic velocity, whereas the presence of partial melt or a dehydration
boundary in the asthenosphere can dramatically increase the velocity contrast [e.g., Hammond and Humphreys,
2000; Kawakatsu et al., 2009; Artemieva, 2009]. Commonly, regions with a lithosphere thicker than 150 km will
produce a gradual LAB, while areas with a thin lithosphere <120 km exhibit a sharper transition [Abt et al., 2010].
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LAB discontinuities are found at depths ranging from 50 to 130 km beneath oceanic regions [e.g., Li et al.,
2004; Kumar et al., 2005; Kawakatsu et al., 2009; Rychert and Shearer, 2009], and below relatively thin continental lithosphere [e.g., Rychert et al., 2007; Li et al., 2007; Rychert and Shearer, 2009]. Beneath cratons,
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shear-wave receiver function studies revealed deeper LAB discontinuities ranging between 130 and 300 km
depth [e.g., Mohsen et al., 2006; Wittlinger and Farra, 2007; Snyder, 2008; Hansen et al., 2009].
The eastern North American continental rift margin is characterized by signiﬁcant seismic velocity heterogeneities [e.g., Levin et al., 2000; Chu et al., 2013; Schmandt and Lin, 2014; Pollitz and Mooney, 2016]. At this continental rift margin, a full waveform tomography study indicates that the lithosphere is successively broken
into relatively thin (100–150 km) high-velocity blocks that extend about 200–300 km horizontally into the
Atlantic Ocean [Yuan et al., 2014]. A receiver function study in this region detected sharp velocity reductions
of 5–10% within a 5–11 km vertical distance across the LAB at depths of 87–105 km [Rychert et al., 2007].
Geophysical studies frequently use the magnetotelluric (MT) method to image the conductivity structure of
the lithosphere and the upper mantle, both in continental [e.g., Singh et al., 1995; Wannamaker et al., 1996;
Fullea et al., 2011; Vozar et al., 2014; Yang et al., 2015] and oceanic regions [e.g., Cox, 1981; Lizarralde et al.,
1995; Evans et al., 1999; Baba et al., 2013; Key et al., 2013; Saraﬁan et al., 2015]. Cold oceanic lithosphere typically exhibits high resistivity values of 1032105 Xm [e.g., Cox et al., 1986; Evans et al., 2005; Kapinos et al.,
2016], whereas the resistivity of the warm upper mantle at greater depths is reduced to 10–100 Xm [e.g.,
Baba et al., 2006; Naif et al., 2013; Key et al., 2013; Saraﬁan et al., 2015].
Electromagnetic observations are sensitive to the presence of water dissolved in mantle minerals as well as
connected networks of partial melt [e.g., Evans, 2012]. Thus, highly conductive upper mantle may indicate a
rheological contrast across the LAB [e.g., Naif et al., 2013]. The depth at which high conductivity structures
appear varies substantially depending on the tectonic setting. For example, high conductivities of less than
10 Xm are observed at depths greater than 20 km beneath the ridge axis of the northern East Paciﬁc Rise
[Key et al., 2013], compared with depths greater than 45–80 km beneath the Cocos oceanic plate adjacent
to a subduction zone [Worzewski et al., 2011; Naif et al., 2013]. A long period EarthScope MT study in Central
North USA suggests that the LAB is at 200 km depth, where the resistivity drops below 100 Xm [Yang
et al., 2015]. At the Superior-Grenville margin, a relatively sharp resistivity contrast (from 100 Xm to less
than 20 Xm) indicates that the LAB is located at a depth of 160 km [Adetunji et al., 2014].
Here we present the results of the ﬁrst MT study conducted with the aim to reveal the depth and topography of the LAB along the eastern North America passive continental margin, nearshore of Martha’s Vineyard, Massachusetts, USA (Figure 1). The 2-D conductivity structure of the lithosphere and asthenosphere
was resolved using two different inversion methods. We interpret our preferred 2-D conductivity model on
a broader regional scale while considering additional geophysical information from P-to-S receiver function
data, shear-wave velocity models, and a localized gravity anomaly, evaluated in conjunction with regional
geological features.

2. Geologic Setting
The continental margin of eastern North America is deﬁned as a passive margin that evolved from rifting
during the breakup of Pangea and the opening of the Atlantic in the Late Triassic to Early Jurassic. Most rift
basins in this region are asymmetric, with a strike of 458, and bounded by a series of normal faults
[Withjack et al., 1998; Yuan et al., 2014]. These boundary faults are reactivated pre-existing structures that
reﬂect the crustal fabric produced during the Paleozoic orogenies [e.g., Ratcliffe and Burton, 1985; Olsen
et al., 1989; de Voogd et al., 1990]. During the late Triassic and early Jurassic, the northeastern rift basins
were ﬁlled by evaporites such as halite and carbonate. During the late Jurassic and Early Cretaceous, shallow
marine sandstones and mudstones ﬁlled the northern segment of these rift basins [e.g., McAlpine, 1990].
Subsidence patterns in eastern North America varied spatially and temporally during rifting. The thickness
of the Upper Triassic synrift rocks within the eastern North American rift system is less than in the southern
and central segments [e.g., Tseng et al., 1996; Malinconico, 2003]. Thus, extension rates were greater in the
south during the Late Triassic.
Igneous activity that occurred during the earliest Jurassic resulted in the Central Atlantic Magmatic Province
(CAMP), which included basalts, dikes, and intrusive sheets [e.g., McHone, 1996; Marzoli et al., 1999]. In the
central segment of the eastern North American rift system, CAMP related basalt ﬂows are within the synrift,
providing evidence that the CAMP activity occurred mainly during rifting. Dike trends suggest that extension occurred from NW to SE during CAMP magmatic activity in the central and northern segments. During
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Figure 1. Study area local and regional maps. (a) The survey linear array consists of MT station from WHOI and SIO. The map insert shows
the survey region along the east coast of the United States. The star in Nantucket Island denotes the position of a teleseismic receiver
(M66A) that is used for receiver function analysis [Rondenay et al., 2017]. (b) Key geological features at the vicinity of the study area,
marked by a green square (map modiﬁed from Crough [1981], Withjack et al. [1998], and Eaton and Frederiksen [2007]).

ATTIAS ET AL.

EASTERN NORTH AMERICA LAB CONDUCTIVITY STRUCTURE

678

Geochemistry, Geophysics, Geosystems

10.1002/2016GC006667

the mid-Jurassic, the basins in the northern segment continued to widen and deepen in response to continued rifting. In the late Jurassic and early Cretaceous, subsidence rates increased signiﬁcantly in the northern
segment of the eastern North American rift system, reﬂecting renewed or accelerated extension [e.g.,
Withjack et al., 1995; Olsen et al., 1996; Welsink et al., 1989].
In addition to CAMP volcanics, another large igneous province is present beneath the US East coast continental margin, with a volume estimated to be as much as 2.7 3 106 km3 [Kelemen and Holbrook, 1995]. The
formation of this igneous province occurred during the transition from rifting to seaﬂoor spreading near
the continent-ocean boundary [e.g., Holbrook and Kelemen, 1993; Sheridan et al., 1993; Kelemen and
Holbrook, 1995]. After the breakup of Pangea, the eastern US margin subsided and accumulated large
amounts of sediments that overlay the Jurassic basement [e.g., Schlee et al., 1976; Poag, 1978; Hutchinson
et al., 1986; Manspeizer and Cousminer, 1988; Olsen et al., 1989; Steckler et al., 1999]. Early Jurassic (200 Ma)
basaltic volcanism was responsible for the intrusion of diabase dikes (Figure 1b) and sills along with extrusion of basalt ﬂows throughout eastern North America [e.g., Olsen et al., 1989; McHone, 1996; Hames et al.,
2000]. Seaward-dipping reﬂections along the US Atlantic continental margin have been interpreted as a
wedge consisting of Jurassic volcanic rocks [Benson and Doyle, 1988; Austin et al., 1990].
Along the New England continental margin, asthenospheric upwelling during the Triassic/Jurassic rifting
exceeded the lithospheric spreading rate. Consequently, 25 km of maﬁc igneous crust accumulated over
>1000 km along the strike of the margin [e.g., Holbrook and Kelemen, 1993; Sheridan et al., 1993; Holbrook
et al., 1994]. Along this margin, basaltic magmatism and rifting are attributed to convection cells beneath
the rift zones [McHone, 2000] rather than a mantle plume mechanism [e.g., Holbrook and Kelemen, 1993;
Holbrook et al., 1994; Bedard, 1985; McHone, 2000]. For example, the Northern Appalachian Anomaly (NAA),
a distinctive shear velocity contrast (10%) which appears as a low velocity in the upper mantle at 200 km
depth beneath southern New England, is interpreted to be caused by small-scale upwelling from an eddy
in the asthenospheric ﬂow ﬁeld at the New England continental margin [Menke et al., 2016].
The New England Seamounts (Figure 1b) are related to the Great Meteor hot spot track [e.g., Morgan, 1981,
1983; Duncan, 1984; Sleep, 1990]. The magmatic activity that created the seamount chain along an extension of transverse Appalachian fracture zones [e.g., Crough, 1981; McHone and Butler, 1984; Olsen et al.,
1989; Dunning and Hodych, 1990], is thought to be unrelated to the magmatism associated with the rift
zone. In Mesozoic time, the northwestward movement of North America over the Great Meteor hot spot
created an elongated topographic swell, which led to substantial uplift and erosion along the hot spot axis
[Crough et al., 1980; Crough, 1981]. The axis of this uplift cross-cuts the New England coastline and the
Appalachian trend parallel to the Great Meteor hot spot track [Crough, 1981]. At the East-central USA, the
lithosphere is thought to have thickened from 70 km at the end of the Appalachian orogeny to 150 km
thick at present as the plate moved NNW [Deschamps et al., 2008].
Intraplate magmatism produced by mantle hot spots can generate a wide variety of landforms and intrusive
igneous rocks [Crough et al., 1980; Kamara, 1981; Kjarsgaard, 2007]. Hot spot tracks are usually observed on
oceanic or thin continental lithosphere, whereas in thick continental lithosphere (e.g., the eastern USA) such
tracks are deduced from sporadic kimberlite intrusions, generally sourced from deep mantle [Crough et al.,
1980; Torsvik et al., 2010; Chu et al., 2013]. Hot spot driven kimberlite eruptions can pierce the lithosphere
from depths >150 km to the surface, providing information on melting processes and the composition of
the deep subcontinental mantle lithosphere [Heaman and Kjarsgaard, 2000; Torsvik et al., 2010]. Within eastern North America, kimberlite intrusions form mainly within 58 of a mantle hot spot [Crough et al., 1980].
These kimberlite intrusions strongly support the notion that mantle melting occurred 140–200 Ma along
the Great Meteor hot spot track [Crough et al., 1980; Heaman and Kjarsgaard, 2000; Eaton and Frederiksen,
2007; Selway, 2014]. This hot spot track is misaligned with respect to its location at 200 km depth, projected
westward from the surface possibly due to asthenospheric ﬂow that deformed the lithospheric keel [Eaton
and Frederiksen, 2007].

3. Methods
3.1. Data Acquisition and Processing
To image the electrical conductivity structure across the eastern North America continental shelf, a linear
array of MT instruments owned by the Woods Hole Oceanographic Institution (WHOI) and by Scripps
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Institution of Oceanography (SIO) were deployed in August 2013 (WHOI) and 2015 (SIO) (Figure 1a). The
WHOI MT instruments are long period with ﬂuxgate magnetometers whereas the SIO MT instruments are
broadband with induction coils [Constable et al., 1998]. The proﬁle is 135 km long, aligned from NNW to
SSE and oriented at approximately 1208 to the regional rift basins (Figure 1b), which are bounded by normal
and oblique-slip faults [e.g., Manspeizer and Cousminer, 1988; Olsen et al., 1989; Withjack et al., 1998]. Site
spacing varied between 1 and 15 km, with the majority of the stations spaced 10 km apart. The instruments were deployed from a vessel and allowed to free fall into position. Water depths of sites ranged
between 33 and 103 m, over smooth gently sloping bathymetry. Other than the coastlines to the north and
the continental shelf edge to the south (both encompassed by our models), there are no signiﬁcant topographic features along or near the proﬁle that could otherwise distort the MT responses. Station positions
were determined by the ship’s GPS position at the drop location. A total of 14 WHOI and 10 SIO MT stations
were deployed.
SIO instruments were deployed as part of a combined MT and controlled source EM survey to map shallow
offshore groundwater, and so some SIO sites were collocated with previous WHOI deployments. WHOI
instruments were deployed for 3 months, whereas SIO instruments were on the seaﬂoor for only 3 days. Of
the instruments deployed, we use data from 15 stations (9 WHOI and 6 SIO stations). Three WHOI instruments were lost: one was dredged up by ﬁshing activity and returned to us, one was released from its
anchor (also possibly due to ﬁshing activity) and recovered in the Canary Islands after it drifted across the
Atlantic, and the third was a deep water site deployed off of this proﬁle.
The magnetotelluric time series data from WHOI stations were manually checked; noise and obvious outliers
were removed from the data set. The data were then rotated to magnetic north and referenced to two
remote stations. The ﬁrst reference station was installed on Martha’s Vineyard (30 km NNW to the MT
array) for the duration of the marine deployments, and the second was selected from the remaining marine
stations. The data were processed using the Bounded Inﬂuence Remote Reference Processing (BIRRP) algorithm [Chave and Thomson, 2003, 2004]. Data from the SIO instruments were processed using the multiple
station array processing routine of Egbert [1997].
The broadband sensors on SIO instruments provided consistent responses with minimal noise at periods
between 0.1 and 1000 s and the long period sensors on the WHOI instrument exhibit responses of equal criteria at periods of 10–10,000 s (Figure 2). Since the stations were located in shallow water depths, passing
tidal waves introduced motional noise to the data. Both the SIO and WHOI instruments exhibit this wave
noise in the 1–10 s band. Outside of this noise band, the responses are high-quality, with very high-quality
1-D responses at 0.1–1 s periods on the SIO instruments. No complex processing schemes were required for
the short period data, and responses from collocated SIO and WHOI instruments show similar trends within
a period band between 10 s and 1000 s (w6 and s8, w4 and s10), as presented in Figure 2.
For an ideal 2-D Earth, the magnetotelluric transverse electric (TE) mode corresponds to electric currents
ﬂowing parallel to the geographical electrical strike, whereas the transverse magnetic (TM) mode corresponds to current ﬂowing perpendicular to strike. To seek the regional geoelectric strike, we examined the
magnetotelluric polar diagrams [Berdichevsky and Dmitriev, 2008] and phase tensors [Caldwell et al., 2004;
Booker, 2014], as shown in Figure 3. This analysis indicates a geoelectric strike azimuth of 758, as derived
from the median value of the polarization ellipses for periods longer than 100 s where the data are 2-D.
Thus, the geoelectric strike is roughly perpendicular to the MT proﬁle and approximately 308 to the regional
rift and fault features. Station w4 shows a strike angle that is 5–78 larger than s10 (Figure 3b). This discrepancy may arise from small errors in the accuracy of the compass sensors installed on these particular instruments. The strike direction of stations w6 and s8 perfectly match. At periods shorter than 1 s, the TM and TE
mode data are equal to within the estimated uncertainty (Figure 2). Therefore, the high-frequency
responses are purely 1-D with no signs of a static shift, which is expected for the uniform conductivity of
the shallow sedimented seaﬂoor.
The phase tensors show two distinct patterns that are segmented to the north and south of site s3. The
phase tensors and polar diagrams for the south group (w9–w3) are consistent with each other, showing
equivalent data dimensionality and strike angles (Figure 3b). The phase tensors and polar diagrams for the
north group (w14–w11) exhibit moderately inconsistent strike angles. This coincides with a substantial
change in the TE phase behavior between the two groups of stations (Figure 2), which could be related to a
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Figure 2. The model ﬁt to the TE (blue) and TM (red) modes apparent resistivity and phase data, for 15 MT stations. WHOI MT stations: w3, w4, w5, w6, w8, w9, w11, w13, and w14. SIO
MT stations: s2, s3, s5, s7, s8, and s10. The lines represent the model, and the dots represent the data. The azimuths of the TE and TM modes are 758 and 1658, respectively.

lateral change in the resistivity structure, presumably indicative of anisotropy (further discussion in section
4). The phase tensor skew angles (b) in the north group are mostly consistent with two-dimensional data
but sporadically exceed 58 at periods shorter than 60 s and longer than 1000 s. For station s3, the b values
exceed 58 and the polar diagrams are uniquely anomalous and distorted at all periods, indicative of regional
3-D induction effects [Jones, 2012]. Nevertheless, excluding data from s3 in the inversions resulted in a model that differs insigniﬁcantly from our smooth models. Hence, we assume that the higher dimensionality of
s3 does not affect our preferred conductivity model.
3.2. Inversion Schemes
In this study, we applied two different inversion schemes to jointly invert the apparent resistivity and phase
data of both TE (Zxy) and TM (Zyx) modes. First, we inverted the data using a 2-D nonlinear conjugate gradients method [Rodi and Mackie, 2001]—a regularized inversion that is implemented in the WinGLink software package (Geosystem srl). Second, the data were inverted using MARE2DEM, a 2-D nonlinear
regularized inversion method that employs a parallel goal-oriented adaptive ﬁnite element algorithm [Key
and Ovall, 2011; Key, 2016], which is conceptually based on the Occam inversion approach [Constable et al.,
1987; deGroot Hedlin and Constable, 1990].
We ran a series of inversion tests with various starting models, error ﬂoors, and regularization parameters,
which were applied independently to both WinGLink and MARE2DEM, to seek the ideal conductivity model
in terms of root-mean-square (RMS) misﬁt value, smoothness, and geological plausibility. Compared with
WingGLink’s structured scheme, MARE2DEM utilizes unstructured adaptive ﬁnite elements for the forward
solver, enabling us to accurately incorporate sharp topographic features in the mesh. Furthermore, MARE2DEM allows construction of a much higher resolution mesh while still converging at lower computational
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Figure 3. Polar diagrams and phase tensor ellipses for all MT stations. (a) Polar diagrams of the magnetotelluric transfer function. The blue
and red lines show the rotated off-diagonal and diagonal components of the transfer functions, respectively. The arrows show the rotation
angle that maximizes the off-diagonal component, which is indicative of the geoelectric strike. The short-period data are predominantly
1-D, and transition to 2-D at longer periods. (b) Phase tensor ellipses of the magnetotelluric transfer function. The ﬁll color represents the
beta angle, which provides a measure of the data dimensionality. The majority of the data are 1-D or 2-D, with beta angles of less than 48.
The arrows point in the direction of the geoelectric strike angle.

cost than the sparser WinGLink mesh. Therefore, the WinGLink inversion scheme was only used for the initial smooth inversion whereas MARE2DEM was applied for the rest of the models. The purpose for using
both the WinGLink and MARE2DEM inversion algorithms is to increase the level of conﬁdence in the initial
smooth models, before the construction and run of various a priori models that are essential to yield an ideal preferred model.
All of the models presented here are 290 km in length and 250 km deep, whereas the MT stations are located horizontally between 65 km (NNW) and 200 km (SSE) along the model space (Figure 4). The coastline is
located less than 50 km NNW of the MT proﬁle, and the continental shelf edge is 30 km SSE from the MT
array (Figure 1a). Both the coastline and the bathymetric slope at the shelf edge are included in our models.
3.2.1. WinGLink Inversion Properties
WinGLink enables the automatic generation of a ﬁnite-difference model mesh. We modiﬁed the automated
mesh to create a grid of 70 rows by 274 columns. The mesh grid was ﬁnely discretized around each MT station
and gradually coarsened with depth and distance from the proﬁle edges (Figure 4a). This particular mesh was
chosen based on computational cost and model reliability. The penalties for horizontal and vertical variations
in the model resistivity were kept at the default setting of 1.5 and 1.8, respectively. The smooth inversions
were started from a 10 Xm half-space model, and additional a priori models with different hypothetical structures were tested. The data error ﬂoors were set to 10% for the apparent resistivity and 5% for the phase. We
varied the smoothness regularization parameter (s) value between 0.01 and 3 to obtain the optimal ﬁtting
model while avoiding overﬁtting to maintain a realistic conductivity structure. Higher s values generally produce smoother models with poorer ﬁts to the data, whereas low s values lead to rough models with good ﬁts
to the data. For an RMS misﬁt target of 1.5, a s value of 0.1 led to a smooth model with good ﬁts to the data.
3.2.2. MARE2DEM Inversion Properties
The MARE2DEM models were parameterized using unstructured ﬁne quadrilateral mesh elements that
gradually increase in size as a function of depth, which were bounded by an unstructured coarse triangular
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Figure 4. 2-D isotropic smooth inversion models presented in a log[qy(Xm)] color scale: (a) WinGLink 2-D MT conductivity model. (b) Depth-resistivity proﬁles, extracted from the
WinGLink 2-D model horizontally at 50, 100, 150, and 200 km. (c) MARE2DEM MT conductivity Model. (d) Depth-resistivity proﬁles, extracted from the MARE2DEM model horizontally at
50, 100, 150, and 200 km. The inverted triangles denote the WHOI (w) and SIO (s) magnetotelluric station locations.

grid, resulting in 10k free parameters (Figure 4c). Spatial variations in the model resistivity were penalized
with 3:1 horizontal to vertical ratio. The apparent resistivity of the TE and TM modes were inverted in their
log10 forms, thus increasing the inversion robustness and reducing the convergence time [Wheelock et al.,
2015]. The data error ﬂoors were assigned to be 10% for both the apparent resistivity and phase.
We performed isotropic and triaxial anisotropic inversions, which employed 10 Xm half-space as starting
models. The triaxial anisotropic inversion solves for resistivity in three directions; perpendicular to the MT
array (qx), parallel to the MT array (qy), and in the vertical direction (qz). This inversion method allows the
user to penalize anisotropy and thus limit the amount of anisotropy in the inverted model [Key and Ovall,
2011; Naif et al., 2013]. To determine if anisotropy is required by the data, we inverted the data with anisotropy penalties ranging from 0.1 to 1, where a penalty of 1 produces isotropic models. For the smooth anisotropic inversion that was minimally penalized (anisotropy penalty of 0.1), the ratio between the two
horizontal models (qy/qx) shows insigniﬁcant anisotropy. However, the qy/qx ratio of the anisotropic inversion using our preferred model, suggests the presence of a moderate anisotropy through the LACZ and
immediately beneath it (further information in section 4.4.1).
The TE and TM mode data were jointly inverted to different RMS misﬁt targets that ranged from 1.0 to 1.5.
An RMS misﬁt target of 1.1 was found to be ideal, using combined criteria of model smoothness, overﬁtting
avoidance, and model to data ﬁt.
3.2.3. Model to Data Fits
The WinGLink smooth inversion converged to an RMS misﬁt target of 1.5 after 22 iterations while the MARE2DEM smooth inversion converged to an RMS misﬁt target of 1.1 after 16 iterations. The TE and TM mode
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data and MARE2DEM inversion model responses for the MT stations are shown in Figure 2. All stations present adequate model ﬁts for both the apparent resistivity and phase data. The TE and TM mode short period data (0.1–1 s) from SIO instruments are equivalent (Figure 2), which is indicative of a 1-D conductivity
structure as is expected for the uppermost sedimentary units seen in the region [Siegel et al., 2014].

4. Results
To describe the conductivity structure beneath the eastern North American passive margin, we present
two-dimensional isotropic smooth inversions, constructed using two different inversion methods as
described above. By utilizing the inversion Jacobian sensitivity matrix, the model spatial sensitivity to resistive and conductive structures was determined. The depth of the LAB was constrained using various test
models. Inversions in which a discontinuity was introduced as well as runs including a priori information
were implemented, along with forward modeling tests to validate models returned.
4.1. 2-D Isotropic Smooth Inversion Models
Despite the different model parameterizations, algorithms, and ﬁnal misﬁts, both inversion schemes
returned similar conductivity structures.
A large shallow conductor is observed along both models between 160 and 225 km horizontally at 7–
10 km depth (Figures 4a and 4c). In the WinGLink inversion, this shallow conductor is capped by a strong
resistor whereas in the MARE2DEM inversion it extends to the surface. This strong conductor consistently
appears in all of the initial inversion models produced by WinGLink and MARE2DEM, located in a region
where the data are highly sensitive to the inversion model parameters (further information in section 4.2).
Thus, we are conﬁdent that this shallow conductor is a real feature and not an inversion artifact, possibly
resulting from high porosities in the thick sediments and upper crust [Siegel et al., 2014]. Resistive structures
of 1–3k Xm are observed horizontally between 0–75 and 150–290 km along the proﬁle, extending vertically between 25 and 110 km depths (Figures 4a and 4c). High resistivity at this depth range is representative of the oceanic lithosphere [Cox et al., 1986].
Between the resistive structures at the model ﬂanks, a 350 Xm lithospheric anomalous conductivity zone
(LACZ) appears, positioned at 75–150 km horizontally along the proﬁle (Figures 4a and 4c). Figures 4b and
4d present resistivity-depth proﬁles at different horizontal distances across the model space. These proﬁles
emphasize the contrast between the resistive lithospheric regions and the LACZ, down to a depth of about
150 km. Below 200 km depth, the vertical proﬁles show a resistivity of 10–30 Xm (Figures 4b and 4d) that
is typical for asthenosphere [Saraﬁan et al., 2015]. Both the WinGLink and MARE2DEM smooth inversion
models show a lithosphere that thins from the NNW continental crust to the center of the proﬁle, followed
by a lithospheric thickening from the model center toward the SSE oceanic crust.
At depths between 100 and 200 km the model resistivity decreases moderately from approximately 2.5k
Xm (lithospheric upper mantle) to 15 Xm (asthenosphere), as shown in Figures 4a and 4c. This gradual
transition between the resistive lithosphere and conductive asthenosphere is attributed to the inversion
smoothing process, and thus, yielding an elusive LAB. Inversion smoothing effects can often be mitigated
by applying model tests where the regularization scheme is modiﬁed (see section 4.3). In this study, we aim
to resolve the depth and topography of the LAB.
4.2. Sensitivity Analysis
The sensitivity of the MARE2DEM Occam based inversion is effectively computed from the model Jacobian
matrix (J) [Constable et al., 1987; MacGregor et al., 2001; Key, 2016]. The Jacobian sensitivity matrix evaluates
the data sensitivity to model parameters. We performed a linearized sensitivity analysis, carried out in the
manner of Schwalenberg et al. [2002] where the rows of the uncertainty weighted Jacobian matrix are
summed over all data and normalized by the area of each parameter cell. Since the linearized sensitivity is a
relative measure, we plot them as percentiles, where, for example, a value of 0.3 implies that the sensitivity
is at the 30th percentile level. Figure 5 shows the MARE2DEM smooth inversion, superimposed by the J contours that illustrate the spatial sensitivity to variations in resistivity (e.g., 0.7 contour 5 70% sensitivity). A
contour value 0.15 demonstrates a level of sensitivity that is sufﬁcient to resolve the corresponding resistivity structure. Values above 0.5 are considered to represent a high level of sensitivity. The highest sensitivity appears at the shallow region (75–80% sensitivity) beneath the MT stations and declines moderately to a
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Figure 5. MARE2DEM smooth inversion model in a log10 scale, superimposed with the Jacobian sensitivity contours that illustrate the
inversion sensitivity to spatial variations in resistivity. The contours value indicates the level of the data sensitivity to the model parameters
(e.g., 0.2 5 20% sensitivity). The inverted triangles represent the MT stations positions.

minimum 10% sensitivity at 235 km. The model exhibits satisfying sensitivity down to a depth of
150 km, both at the NNW model edge 65 km before the ﬁrst MT station (w14) and from SSE, 90 km
after the last station (w3).
As is typical for MT data, the model shows higher sensitivity to conductive regions, where current ﬂow is
concentrated. Consequently, the sensitivity spreads across the model in a parabolic fashion (approximate
U-shape), exhibiting downward extending high sensitivity at the LACZ area (72–125 km horizontally,
175 km vertically) that gradually decreases toward the edges (Figure 5). Deeper than 175 km, the sensitivity is equally distributed laterally and only varies with depth. The data are insensitive to any structure
below 240 km depth (Figure 5). Thus, we restrict our interpretation to depths shallower than 225 km,
where the data sensitivity is greater than 15%.
4.3. Model Tests
The smooth inversion models (Figure 4) provide a satisfying initial imaging of the subsurface; yet, further
modeling is required to determine the underlying conductivity structure, with a higher level of accuracy.
For this purpose, we generated a series of test models which were particularly designed to: (1) verify the
existence of the LACZ; and (2) constrain the depth and topography of the LAB. To achieve these aims, we
modiﬁed the inversion regularization and examined the forward and inverse responses of different a priori
starting models.
4.3.1. LACZ Tests
The LACZ is a persistent feature that appears in all of our converged smooth inversion models. Nevertheless, we performed two different model tests to conﬁrm the authenticity of the LACZ. First, we superimposed a 1k Xm resistor on top of the smooth model LACZ and ran a forward calculation (Figure 6a). In such
a test, the aim is to examine whether the added resistor reduces the model to data ﬁt, and thus, provide evidence to the validity of the tested feature. We performed a normalized residuals comparative analysis
between the smooth model and the forward model test which indicates that the model to data ﬁts of the
apparent resistivity and phase were reduced both for the TE and TM modes (Table 1). Hence, the residuals
analysis supports the notion that the LACZ is most probably an essential feature and not an artifact.
Second, a 3k Xm horizontal layer was positioned between 25 and 100 km depth, forced upon the LACZ and
the resistive lithosphere of the smooth model (penalty weight 5 1.0). In this type of prejudiced model test,
the inversion is penalized for any deviation from the a priori starting model. Therefore, if such model alteration occurs, it conﬁrms the robustness of the examined feature (e.g., LACZ). Here the prejudiced model
test converged to an RMS misﬁt of 1.098 while deviating signiﬁcantly from the a priori model by reducing
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Table 1. A Table Comparison Between the Normalized Residuals RMS of the
Forward Model Test and the Smooth Model, for Both the TE and TM Modesa
Data Type
TE apparent resistivity
TE phase
TM apparent resistivity
TM phase

Smooth
Model RMS

Test Model
RMS

Models RMS
Difference (%)

0.87
0.72
0.71
0.81

0.91
0.74
1.09
1.02

4.4%
2.7%
34.8%
20.6%

10.1002/2016GC006667

the 3k Xm forced resistor to 800 Xm,
at the LACZ location (Figure 6b). Thus,
despite the applied penalization the
LACZ still emerged from the data, providing sufﬁcient evidence for its
authenticity.

It is also possible that the LACZ is the
manifestation of high dimensionality
data. To test a scenario in which the
LACZ is a result of 3-D conductive
effects, we ran smooth inversion tests
without the data from stations s3 and
w9, alternatively and jointly. Stations s3 and w9 are located directly above the LACZ, and present moderate
to high phase tensor b values (Figure 3b). In these three inversion tests the LACZ remained, and the overall
conductivity model did not alter signiﬁcantly. These three tests strongly suggest that the LACZ is a robust
geological feature that is required by the data.
4.3.2. LAB Tests
To better constrain the depth variations of the LAB, we performed (a) an inversion with an imposed discontinuity, (b) a prejudiced inversion, and (c) forward models based on the ﬁnal smooth model. Seismic phase
conversions of S-to-P (SP Þ and P-to-S (PS ) analysis for data sets acquired beneath eastern North America,
suggest the presence of a sharp seismic velocity discontinuity located at 85–111 km depth, which is attributed to the LAB [Rychert et al., 2005, 2007; Abt et al., 2010; Rondenay et al., 2017].
a

The forward test model increased the residuals of the TM mode signiﬁcantly more than the TE mode residuals. The percentage RMS difference
between the two models represents the reduction in the model to the ﬁts, as
imposed by the forward model test. The models RMS values were calculated
from the normalized residuals of all MT stations, at all frequencies.

To resolve the ambiguity observed in our smooth models (Figure 4) concerning the depth variations of the LAB,
we forced upon the starting model a horizontal discontinuity at a depth of 100 km (Figure 6c) that is roughly at
the LAB discontinuity depth, as inferred from seismic phase conversion studies [Rychert et al., 2007; Rondenay
et al., 2017]. In this type of inversion, the roughness penalty is decreased across the imposed discontinuity, thus
enabling the inversion to include sharp transitions in resistivity along the discontinuity boundary if such are
favored by the data. The discontinuity inversion converged to an RMS misﬁt of 1.107, presenting a relatively high
resistivity (HR) for the upper mantle below the 100 km imposed discontinuity at the NNW edge of the model
(Figure 6c). This HR region suggests that the LAB in the NNW has a relatively moderate resistivity gradient across
it and is deeper (140 km), extending 90 km horizontally along the proﬁle. Toward the SSE end of the model,
a much sharper LAB is observed, extending to a depth of 130 km as indicated by the HR region. Thus, the
adjustment applied to the regularization was proven to be efﬁcient in resolving sharp transitions in resistivity
where it is required by the data (Figure 6c). Above the 100 km forced discontinuity, a relatively low resistivity (LR)
region of 100 Xm exists, untypical for oceanic lithosphere. This LR region curves upward to a depth of 85 km
into the LACZ between 90 and 145 km laterally (Figure 6c). The forced discontinuity did not signiﬁcantly alter
the model ﬁt to the data, and so the evidence is equivocal as to whether a relatively sharp LAB is present.
Next, we conducted a prejudiced model test to determine how robust are the asthenospheric HR regions
that emerged from the discontinuity model test. These HR regions located at the model edges varied significantly from the 100 Xm at the model center (beneath the discontinuity). Based on the 100 Xm asthenospheric resistivity, we inverted the data with an a priori starting model that includes a 100 Xm weighted
layer (penalty weight 5 1.0). The 100 Xm forced layer extends laterally throughout the entire model and
vertically between 100 and 140 km (Figure 6d). In this inversion, the HR regions slightly altered the prejudiced a priori model, mainly in the immediate area beneath 100 km depth (Figure 6d). This conﬁrms the
existence of moderate HR regions, and consequently, supports the depth variability of the LAB across the
model.
Figure 6. Test and preferred models: (a) Forward model with 1k Xm superimposing the LACZ (dashed contour) observed in the MARD2EM
smooth model (Figure 2c, RMS misﬁt 5 1.104). (b) Model with lithospheric resistivity prejudiced to 10k Xm between 25 and 100 km depth.
(c) Model with forced discontinuity (roughness penalty of 0.1) at 100 km depth. The horizontal discontinuity is marked by a black dashed
line. Relatively high and low resistivity (HR and LR) areas are bounded between the black and white dashed lines. (d) Model with a 100 Xm
prejudiced layer between 100 and 140 km depth (black dashed lines), indicated by the black dashed lines. LR and HR areas are denoted by
the white dashed line. (e) The preferred 2-D isotropic conductivity model in log[qy(Xm)] color scale. The contours value indicate the level
of the data sensitivity to the model parameters (e.g., 0.25–0.5 5 25–50% sensitivity across the LAB).
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4.4. Preferred Model
The information derived from the various test models was utilized to optimize the initial smooth, isotropic
model, and thus, yield a well-constrained ﬁnal model. This constraint was done by inverting the data with a
horizontally varying forced discontinuity (roughness penalty 5 0.1, consistent with the model shown in Figure 6c), which tracks the LAB LR and HR regions detected in the test models (Figures 6c and 6d). Figure 6e
shows our discontinuity driven preferred model, where the depth of the LAB varies from 145 km at NNW
to 85 km beneath the LACZ to 130 km at SSE of the model. Across the LAB, over less than 8 km depth
range three distinctive declines in resistivity are observed; (1) 800 to 250 Xm in the NNW, (2) 350 to
30 Xm in the center (asthenospheric rise area), and (3) 1000 to 90 Xm at the SSE edge of the model.
Apart from the LACZ, the lithosphere is more pronounced and vertically extended (particularly in the SSE)
than observed in the smooth model, since the applied discontinuity signiﬁcantly reduces the inversion
smoothing (Figure 4c versus Figure 6e). The LACZ in this model is well associated with the central asthenospheric rise.
The Jacobian sensitivity matrix of the isotropic preferred model was calculated and is shown in Figure 6e.
The J sensitivity matrix indicates that discontinuity applied to this model signiﬁcantly improved the data
sensitivity to the model parameters throughout the entire model when compared to the smooth model J
sensitivity (Figure 5). The NNW part of the model shows a higher sensitivity than the SSE edge. Highest J
sensitivities are present at the top of the model (90%) and the LACZ (85%). The rising asthenosphere
beneath the LACZ enhances the depth extension of the data sensitivity considerably, as evidenced by the
0.75 parabolic contour. Across the LAB the J sensitivity increases from 25% to 50%, and thus suggests that
the apparent contrast in resistivity is favored by the data. An RMS model to data ﬁt comparison between
the smooth and preferred model, demonstrate that the preferred model improved the RMS misﬁts by
approximately 5%, for both the apparent resistivity and phase of the TE and TM modes.
4.4.1. Anisotropy
Anisotropic inversion applied to the MARE2EM smooth model with minimal penalization for anisotropy
(0.1), resulted in a model with insigniﬁcant anisotropy. Since the isotropic preferred model improved both
the data sensitivity to the model parameters and the RMS misﬁt, we ran an anisotropic inversion to the preferred model. The penalty for anisotropy was set to 0.1 and the RMS misﬁt target to 1.1 (consistent with the
smooth anisotropic inversion). The qy/qx anisotropy ratio of this anisotropic inversion indicates that anisotropy varies both laterally and vertically along the proﬁle (Figure 7). The anisotropy is most prominent in the
region surrounding the LACZ and the asthenospheric rise. At the LACZ, the resistivity parallel to the geoelectric strike, represented by qx is 1.4 times greater than the resistivity along the MT proﬁle. The moderate
anisotropy diminishes and becomes nearly isotropic to the SSE of the LACZ. The evolving lithospheric
anisotropy also correlates with distinct behavior patterns seen in the data and phase tensors, where the

Figure 7. The qy =qx ratio of the anisotropic inversion applied to the preferred model. The color scale shows log10(qy =qx ). Distinctive
anisotropy exist at the LACZ (intense red) perpendicular to the MT proﬁle, as represented by qx . At the asthenospheric rise, qy is about 1.3
times greater than qx .
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anisotropic LACZ and the relatively isotropic regions are coincident with the NNW and SSE group of sites,
respectively, as discussed in section 3.1. At the asthenospheric rise, the qy/qx ratio is switched (120–
160 km along proﬁle), exhibiting higher resistivity parallel to the MT proﬁle (qy) than along the geoelectric
strike (qx).
By incorporating the information obtained from the test models and applying isotropic/anisotropic inversions, we were able to: (1) validate the necessity of the LACZ to ﬁt the data; and (2) mitigate the inversion
smoothing effect by applying discontinuity, as derived from seismic constraint. Consequently, we produced
the best possible ﬁnal model that adequately describes the spatial transitions in resistivity and the variability in LAB topography.

5. Discussion
The various MT inversion models presented here suggest that the depth of the LAB beneath the study
region varies between 85 km (model center) and 130–145 km (model ﬂanks). A vertical LACZ exists
throughout the lithosphere at the center of all the inversion models. The anisotropic inversion applied to
the preferred model suggests that only a moderate amount of anisotropy exists at this rifting margin. To
assess and interpret these results in a broader sense, we examined the regional shear-wave velocity model,
PS receiver function, and gravity data. The purpose of this comparison is to identify similar large-scale trends
between the models rather than localized features, which is infeasible due to resolution incompatibilities.
5.1. Shear-Wave Velocity and PS Receiver Function
Shear-wave velocity (VS ) and resistivity are both sensitive to physical properties such as temperature, melt,
water content, and lithology [e.g., Jones et al., 2013]. Different rock composition will affect the sensitivity
and resolution of each method, with seismic velocity much more sensitive to chemical composition. However, a comparison between VS and resistivity models may contribute to a more comprehensive understanding of the underlying regional structure. Our study area is located nearshore, away from land-based seismic
stations across the eastern North America, limiting the coverage of regional and local seismic studies [e.g.,
Schaeffer and Lebedev, 2014]. However, the LAB can still be identiﬁed from the decrease in VS imaged by
global models [e.g., S40RTS, Ritsema et al., 2011; SAVANI, Auer et al., 2014; SL2013NA, Schaeffer and Lebedev,
2013; SEMum2 and SEMUCB-WM1, French et al., 2013; French and Romanowicz, 2014].
Here we chose to employ the SEMum2 global VS model by French et al. [2013]. This model includes 99,000
waveform windows (over 5 million data points), comprising a single data set that enables a harmonized
parameterization. Figures 8a and 8b shows dVS horizontal and vertical slices derived from the SEMum2 global
model. These cross sections show variations in velocity that are presented on a regional scale, corresponding
to our region of study. We emphasize that a global VS model offers limited resolution on a regional/local scale,
and therefore, unlikely to resolve the asthenospheric rise and LACZ given their isolated extent. Thus, the VS
model is used here solely to identify general trends for comparison with the resistivity preferred model.
The regional scale VS horizontal slice at 100 km depth shows a trend of high-low-high VS (Figure 8a) in the
vicinity of the MT stations. This VS trend is viewed better in the vertical slice, across the lithosphere from
NNW to SSE (Figure 8b), roughly coinciding with the high-low-high lithospheric resistivity trend (as
observed in our preferred model, Figure 6e). These two-independent studies add support to a possible
alteration in lithology at this region. A decrease in dVS observed in the vertical slice at depths of approximately 100–125 km indicates the depth range of the LAB. Such decrease in dVS is also noted in other recent
global models [e.g., SEMUCB-WM1, French and Romanowicz, 2014; SAVANI, Auer et al., 2014; S40RTS, Ritsema
et al., 2011], suggesting that the depth range of the LAB in this region is 75–130 km.
An analysis of P-to-S receiver function (RF) data [Rondenay et al., 2017] from a seismic station located
35 km from the nearest MT station (Figure 1a) exhibits a strong negative PS phase at 109 km depth. This
phase is indicative of the LAB, and is comparable to nearby LAB depths determined by Rychert et al. [2005,
2007] (87–105 km) and Abt et al. [2010] (111 6 7 km).
Since the LAB depth from our preferred conductivity model ranges between 85 and 145 km (average of
115 km), it agrees well with previous seismic tomography, receiver functions, and conductivity studies, and
thus, add conﬁdence to our results.
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Figure 8. Regional shear velocity variation across the study area, from a 18318 resolution global SEMum2 VS model [French et al., 2013]. (a) Map showing the lateral Vs variation at
100 km depth. Black contour represents the coastline; gray triangles denote the MT stations, and red star denotes the location of the RF-M66A teleseismic station. (b) Vertical cross
section at 2708 longitude showing the decrease in velocity across the LAB. Red and blue shades indicate slower and faster VS velocity, respectively, from the model reference. The
dashed black line indicates the LAB, which shallows to the NNW to match the LAB depth detected by the RF-M66A station that is located vertically above that zone, marked by a red
star. The gray triangles denote the MT stations. White lines show the LACZ region, as derived from the preferred MT model. (c) PS RF proﬁle, as produced from the data recorded by the
M66A teleseismic receiver, situated in the Nantucket Island, 35 km from w14 MT station (Figure 1a). The RF data is taken from the GLImER database [Rondenay et al., 2017].

5.2. Regional Gravity Anomaly
Marine gravity anomalies are vital for constraining global tectonics and continental margin structures and
assist in characterizing rifting and sedimentation processes [e.g., Laxon and McAdoo, 1994; McAdoo and
Laxon, 1997; Cande et al., 2000; Wyer and Watts, 2006; Bassett and Watts, 2015]. Here the New England continental margin gravity data were extracted from a global gravity model, based on 1 3 1 min satellitederived free-air gravity anomaly grid [Sandwell et al., 2014].
Figure 9a presents a regional gravity map across the New England continent-ocean boundary, superimposed by the MT proﬁle. We note that the MT array is spread over a relatively ﬂat seaﬂoor bathymetry (Figure 9b). Nevertheless, three gravity anomalies are detected along the model proﬁle, as shown in Figure 9b.
The positive gravity anomalies in the NNW and SSE are associated with Martha’s Vineyard and the continental shelf edge. In addition to these two distinctive anomalies, we identiﬁed a moderate positive gravity
anomaly (20 mGal) that is located between two subparallel crustal rift segments that exhibit anomalies of
15–30 mGal. The 20 mGal anomaly is partially overlapping the LACZ from NNW, collocated with a vertically extended seaﬂoor conductor that becomes signiﬁcantly thicker beginning at 100 km distance along
the proﬁle, and thus, represents a thickening sediment package (Figures 9b and 9c). A seismic reﬂection
line that coincides with our MT proﬁle presents a thicker wedge of Pleistocene sediment beneath the proﬁle
center [Siegel et al., 2014]. Further, the LACZ and thinning lithosphere occur between 100 and 150 km.
Both of these observations together represent lower densities and likely cause the large reduction seen in
the gravity anomalies between 100 and 120 km along the proﬁle. Then, a combination of thinning sediments, more resistive lithosphere, and deepening LAB cause the gravity anomalies to begin increasing
again toward the shelf edge. We propose that the 20 mGal gravity anomaly conﬁrm the existence of the
subparallel rift segments, and thus, postulate that a localized rift might have triggered a focal deformation
process that gave rise to the LACZ, as discussed further in section 5.3.2.
The predicted trajectory of the Great Meteor hot spot is parallel to the New England Seamounts chain and
cross-cuts the two rifting segments (Figure 9a) along its ocean-to-continent path, where numerous igneous
intrusions are present [Crough, 1981; Selway, 2014]. Along the hot spot track, released heat could have
weakened or thermally altered the lithosphere [Morgan, 1983].
5.3. Conceptual Models
To unfold the mechanism that gave rise to the presence of the LACZ and the lithospheric thinning, we interpret the preferred conductivity model in conjunction with the regional shear-wave velocity, gravity anomalies, and geological features. Based on this joint interpretation, we propose two conceptual models that are
geologically plausible and may explain the underlying cause for the thinning of the lithosphere at the model center, and the enhancement of conductivity in the LACZ.
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Figure 9. Regional gravity map compared with the preferred conductivity model. (a) New England gravity map: gray triangles represent the positions of the MT stations (from w14 in
NNW to w3 in SSE), black rectangle denotes the positive gravity anomaly, and the dashed lines represent the rifted crust segments. The purple line denotes the predicted track of the
Great Meteor hot spot, as described by Crough [1981]. (b) The green line indicates the gravity anomalies along the MT linear array. The brown line denotes the seaﬂoor bathymetry. (c)
The preferred conductivity model. White dashed line represents the depth varying LAB. The area bounded by the gray dashed line denotes a vertically extending conductor, possibly
resulting from rift-derived sediments inﬁll. The rectangle in Figures 9a and 9b indicates the location of the 20 mGal gravity anomaly that coincides with the NNW upper LACZ, as seen
beneath MT stations w13, s2, w11, and s3.

5.3.1. Kimberlite Intrusions
For the ﬁrst conceptual model, we suggest the following scenario: lithospheric piercing by Kimberlite intrusions sourced from the New England Great Meteor hot spots. These magmatic intrusions propagated NW
along the hot spot trajectory toward the continent. Further North along the Great Meteor hot spot track,
numerous kimberlitic melts have intruded the Canadian Slave Craton from deep within the lithosphere to
the surface, over the last 500 Ma [Selway, 2014]. An MT study performed at the Grenville Province in
southern Ontario, Canada, identiﬁed a conductive anomaly in the lower lithosphere that is spatially associated with low seismic velocities [Adetunji et al., 2015]. This conductive anomaly is attributed to lithospheric
refertilization by ﬂuids associated with kimberlite ﬁelds magmatism. Additionally, a subvertical conductor
located 50 km along strike from the Mesozoic Kirkland Lake and Cobalt kimberlite ﬁelds is interpreted as
refertilization of an old mantle scar [Adetunji et al., 2014, 2015]. Thus, there is substantial evidence for kimberlite intrusions at the proximity of our study region.
Kimberlites are moderately electrically conductive (250–1100 Xm) in comparison to continental host rocks,
particularly when the kimberlite conductive elements form a continuous interlinked network [Kamara,
1981; Katsube and Kjarsgaard, 1996]. Since the direction of the Great Meteor hot spot track is only about
90 km NE to the location of our MT proﬁle (Figure 9a), we postulate that hot spot melt swells contributed to
a paleo thermal erosion and weakening in the lithosphere. Thus, these melts possibly enabled the intrusion
of conductive kimberlitic rocks, as illustrated in Figure 10a. The kimberlite intrusions are hypothesized to be
subparallel to the hot spot track due to the tendency of melt to be channeled into parallel rift zones of
weakness, and thus, aligning between the bounding rift segments. To date, no surface expression of
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Scenario 1: Regional Kimberlite intrusion

(a)

Hot spot predicted

Triassic basin

track

Rift segments
N

y

High conductivit
LACZ

LACZ

New England
Seamounts Chain
(Great Meteor hot spots
seafloor expression)

Crust
Paleo melt swell

Igneous
Kimberlite intrusion
(conductive material)

Nearshore
Martha’s
Vineyard

Scenario 2: Shear-driven localized deformation

(b)

Atlantic
ocean

Rift segments
σx
σz

σy

y

Low conductivit

Horst block

Shallow co
nductor
LACZ
(shear

Localize

N

zone)

d defo

Horst block

rmatio

(conduct

n

Crust

Nearshore
Martha’s
Vineyard

ive litho

logy)

Figure 10. Conceptual models illustrating possible scenarios that could explain the presence of the anomalous conductive structure within
the lithosphere. Red shades represent conductive areas. (a) A regional scale model showing kimberlite magmatic intrusions. (b) A local
scale model showing structural deformation as a result of shearing. The conductivity axes orientation is denoted by the blue errors. This
scenario accounts for the observed electrical anisotropy.

kimberlites was documented at the immediate vicinity of the MT proﬁle. To the north of our study area,
Menke et al. [2016] see a low velocity region in the upper-mantle that they postulate is the result of smallscale asthenospheric upwelling. Thus, if the asthenospheric upwelling extended southward along the New
England continental margin, it might have enhanced the thermal erosion and weakening of the lithosphere
beneath the MT proﬁle, raising the electrical conductivity in the upper mantle. Although the southern edge
of the observed velocity anomaly appears to extend to the south of the island of Martha’s Vineyard, we do
not see evidence for a generally raised conductivity in the asthenosphere, and so our proﬁle constrains the
southernmost extent of the anomalous region. We propose that a paleo-intrusion of kimberlites may
explain the observed LACZ (Figures 6e and 10a). Apart from the thermal erosion hypothesis, alternative processes such as mantle scar refertilization [Adetunji et al., 2014, 2015] or enrichment of the lithospheric keel
by plume material [VanDecar et al., 1995] might also explain the presence of the LACZ.
5.3.2. Shear-Driven Deformation
For our second conceptual model, we hypothesize that the LACZ results from shear-driven localized deformation. We suggest that the localized deformation resulting from rifting, enabled the emergence of the
LACZ between two rift segments, as illustrated in Figure 10b. An MT study conducted at the north-central
US along the Mid-Continent Rift system, suggests two elongate lower crustal suture-related conductive
anomalies [Yang et al., 2015]. These conductive anomalies were initially introduced during ancient rifting
events and subsequently thrust deep into the lower crust and uppermost mantle. Yang et al. [2015] proposed that such conductive anomalies can serve as stable, long-lived markers, providing valuable constraints on deep structures ancient processes. Hence, we infer that in our region of study, such rift
associated conductive anomalies are represented by the LACZ. A model by Eaton and Frederiksen [2007]
suggests that deformation occurred along the Great Meteor hot spot track in eastern North America, due to
shear in the lithospheric mantle keel arising from viscous coupling with the asthenospheric ﬂow beneath.
Pommier et al. [2015] laboratory results indicate that some enhancement in conductivity can be achieved
by shearing olivine. If melt is present during rifting then melt crystallization fabrics at shear-driven localized
deformation fronts may signiﬁcantly alter the lithosphere and upper mantle rheology [e.g., Holtzman and
€ink et al., 2012; Soustelle et al., 2014]. Experimental studies suggest that elecKendall, 2010; Karato, 2012; Ho
trical conductivities are 10 times greater along the shear plane than perpendicular to it [Pommier et al.,
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2015]. These studies agree well with our anisotropic modeling, which shows higher conductivities in the
direction parallel to the MT proﬁle. This observation, as well as the general increase in conductivity in region
of likely shearing, (Figures 10b and 7), strongly suggests that rift associated deformation via lithospheric
shearing is the cause of the observed LACZ.
To determine which of the proposed conceptual models describe a more plausible geological scenario, an
MT study with a 3-D grid coverage is required. If kimberlite intrusion along the path of the hot spot track is
episodic (consistent with the spacing of seamounts in the New England seamount chain), then both models
would predict an LACZ oriented parallel to the rift structures (Figure 10). However, we would not expect the
kimberlites to extend for great distances along strike from their point of intrusion, so in this case, the spatial
extent of the conductor would be limited.

6. Conclusions
This paper presents the ﬁrst conductivity model beneath the eastern North American continental margin,
using two different magnetotelluric 2-D inversion methods. The applied smooth and hypothesis testing MT
inversion models enabled us to produce a well-constrained model that was interpreted in conjunction with
shear-wave velocity, PS receiver function, gravity data and regional geological features. From our rigorous
test models and joint interpretation, we conclude the following: (1) the LAB topography varies from 145 km
at the NNW part of the model to 85 km at the model center (asthenospheric rise), then deepens back to
130 km at SSE (LAB averaged depth 5 115 km); (2) a lithospheric thinning is represented by a 350 Xm
LACZ that extends vertically through the entire lithosphere; (3) at the LACZ, the conductivity parallel to the
MT proﬁle is enhanced relative to the geoelectric strike and bounding rifts segments.
We propose that the LACZ indicates the presence of a thinned lithosphere, which may have been caused
by kimberlite intrusion or by alterations in lithology due to the regional structural shearing, occurred along
the eastern North America continental passive margin during the Early Jurassic.
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